The eastern North American rifted margin is a passive tectonic margin that has experienced Paleozoic ocean closure and Mesozoic continent rifting. To understand evolution of this continental margin, we modeled the two-dimensional P-wave and S-wave seismic velocity structure of the crust with a seismic wide-angle reflection/refraction profile located in North Carolina and Virginia. There is a seismic low-velocity zone (LVZ) at 10-12 km depth beneath the western segment of the profile. We infer the LVZ to be the base of a Paleozoic metasedimentary succession beneath the eastern Piedmont and westernmost coastal plain. The P-wave velocity and Poisson's ratio suggest a felsic composition for the upper and middle crust beneath the seismic profile, and an intermediate composition for the lower crust. Overall, the measured crustal velocities and the lateral homogeneity of the crust, especially the middle and lower crust, indicate that Laurentian middle and lower crust extends beneath the entire coastal plain. The lack of a basal crustal layer with a high seismic velocity indicates that no magmatic intrusions have underplated the eastern Piedmont and coastal plain. The comparison with South China Sea, which is a wide rift, and Kenya Rift, which is a narrow rift, indicates that eastern North American margin has the character of a narrow rift. We infer that narrow rifts and wide rifts may have similar crustal compositions, but show strong differences in crustal thickness and the distribution of basal crustal mafic intrusion. These differences may be related to differences in extensional rate during rifting.
Introduction
Continental rifts and their products, passive margins, define the majority of the Earth's coastline and are the expression of a fundamental process that continually reshapes our planet's surface. The eastern North American margin (ENAM) is the host to one of the world's longest rift system, the eastern North American rift system. This is one of the oldest intact passive margins and is a natural laboratory for studying passive margin development (Withjack et al. 2012) . To understand the evolution of this rifted margin, seismic investigations of the crustal structure of this region began some 60 years ago (Bonini and Woollard. 1960; Hales et al. 1968; James et al. 1968) . During the 1970s, the US Geological Survey conducted seismic reflection surveys along the US Atlantic continental margin (summarized in Pakiser and Mooney 1989) to determine the crustal structure and tectonic framework along the margin (Klitgord et al. 1988; Trehu et al. 1989; Glover and Klitgord 1995) . Cook et al. (1979 Cook et al. ( , 1981 interpret seismic reflection profiles in terms of thin-skinned tectonics in the southern Appalachian Mountains. In the following years, several additional studies have investigated the crustal structure of this region (Hughes et al. 1993; Holbrook et al. 1994; Marillier et al. 1994; Zelt and Forsyth 1994; Musacchio et al. 1997; Pratt et al. 1988 Pratt et al. , 2014 .
Most of these studies are focused on either the Appalachian orogeny or the offshore Atlantic margin. On land, seismic reflection profiles reported by Cook et al. (1979, Guo et al. Earth, Planets and Space (2019) 71:69 1981) and Pratt et al. (1988) revealed the crustal structure beneath the coastal plain in Georgia and the crustal structure of the Virginia Piedmont, respectively. Sheridan et al. (1993) deduced the crustal structure of the coastal plain in Virginia from an offshore active-source seismic reflection profile. Holbrook et al. (1994) obtained the P-wave velocity model beneath one of the profiles in Sheridan et al. (1993) with multichannel and wide-angle seismic data. Hales et al. (1968) and Lewis and Meyer (1977) obtained a P-wave velocity model from onshore to offshore by active wide-angle seismic profiles. There are only a few seismic profiles located on the coastal plain between the central Appalachian orogen and Atlantic margin. Dreiling and Mooney (2015) obtained the P-and S-wave velocity upper crustal structure and attenuation beneath Piedmont, with the aftershocks recorded by a dense seismic array. Shen and Ritzwoller (2016) present a 3-D shear wave velocity model of crust and uppermost mantle beneath the contiguous US from the inversion of Rayleigh wave group and phase speeds, receiver functions, and Rayleigh wave ellipticity (H/V) measurements. The crustal structure beneath the piedmont and coastal plain can be extracted from the model. However, the 3D model in Shen and Ritzwoller (2016) is formed by interpolating several depth-dependent statistics onto a 0.25° × 0.25° across the US by simple kriging. For the analysis of a relatively small region, e.g. our study area, Shen and Ritzwoller (2016) present only a rough model. Lynner and Porritt (2017) present the crustal structure across the eastern North American margin from ambient noise tomography and focus on the interpretation of the ocean-continental transitional crust and the East Coast magnetic anomaly. Given the previous seismic data, it is still unclear to what extent the Appalachian and Laurentian terranes exist beneath the coastal plain, or whether the coastal plain is its own unique crustal section. To evaluate the roles of tectonic inheritance and magmatism on rifting and rupture, and to understand the evolution of this rifted margin, it is important to understand the crustal structure and composition beneath the coastal plain.
The NSF-funded GeoPRISMS program conducted two land-based active-source seismic wide-angle reflection/refraction profiles across the eastern Piedmont and coastal plain of North Carolina and Virginia in 2015 (Fig. 1) . In this paper, we describe the processing and analysis of the Line 1 seismic refraction/wideangle reflection profile. We present the P-and S-wave velocity structure, Poisson's ratio, and infer the crustal composition based on a comparison with laboratory measurements of P-wave velocities and Poisson's ratio. For further analysis, we integrate our results with other seismic data to form the crustal model from Atlantic Sea to Appalachians mountains. We also compare two examples of rifted crustal structure with our study to better understand the nature of ENAM margin. One is the Kenya Rift of the East African Rift System (EARS), which has a narrow rift mode (Buck 1991) ; the other is an example of wide rift mode, the South China Sea (SCS) rift (Wan et al. 2017) . And the SCS rift and the ENAM rift are fully developed rifting margin (Buck 1991; Brune et al. 2016; Wan et al. 2017) , while the Kenya Rift is a youthful narrow rift and appears to be an example of early-stage continental rifting (Buck 1991; Ebinger 1989 ). The crustal structure for both of these two rifts are also modeled by seismic wide-angle reflection/refraction data (Maguire et al. 1994; Wan et al. 2017; Zhang et al. 2013) , and their modeling technique is similar to our technique, that make the comparison more reliable.
Geological setting
The morphology of the eastern North American margin was shaped over the course of two supercontinent cycles, including the formation and subsequent breakup of both Rodinia and Pangaea (Thomas 2006) . Our study area is located between the Appalachian orogeny and the Atlantic Ocean, recording a complex history of repeated continental collision and rifting (Fig. 2) .
The Appalachians were formed by four main orogenies: The Grenville (Mesoproterozoic), the Taconic (Ordovician), the Acadian/Neo-Acadian (Devonian-Mississippian), and the Alleghanian (Pennsylvanian-Permian) (Hatcher 2007; Massey and Moecher 2005) . The Grenville orogeny occurred during the formation of the supercontinent Rodinia in the late Mesoproterozoic, forming the basement rock for most of the Appalachians (Hatcher 2007) . A period of rifting occurred in the early Paleozoic, leading to the breakup of Rodinia and the opening of the Iapetus Ocean (Hartz and Torsvik 2002) . Within the Iapetus Ocean, a volcanic island arc formed, later being accreted onto Laurentia (Anderson and Moecher 2009) . As part of the Taconic orogeny in the Ordovician, this volcanic island arc accretion was due to the closing of the Iapetus Ocean (Anderson and Moecher 2009) . The Acadian orogeny in the Appalachians occurred due to the oblique convergence of the North American craton with the Avalonian microcontinent during the Devonian (Ettensohn 1985) . The Alleghanian orogeny was the final major orogenic event to take place in the Appalachians, in which thrusting occurred due to the collision between Gondwana and Laurentia at the end of the Paleozoic (Hatcher 2007) .
The eastern US passive margin formed as a result of rift-to-drift tectonics associated with the breakup of Pangea during the Triassic-Jurassic (Withjack et al. 1998) . The rifting associated with breakup of Pangea began in the Middle to Late Triassic, ending with the successful separation of Africa and North America in the Early Jurassic (Withjack et al. 1998) . Post-rifting magmatism, named the eastern North American (ENA) magmatic activity, occurred for a short period of time (~ 600,000 years) during the Early Jurassic (Olsen et al. 1989 (Olsen et al. , 1996 Withjack et al. 1998 ). This magmatic activity ended up forming a massive volcanoclastic wedge, which formed along the eastern US passive margin, during the rift-to-drift transition (Sheridan et al. 1993; Withjack et al. 1998) . Shortly after the ENA magmatic activity, the rift-to-drift transition occurred, as the formation of seafloor spreading centers led to the formation of a passive margin along the eastern USA (Withjack et al. 1998) .
A previous land seismic reflection survey done in Georgia inferred that sedimentary and metamorphic rocks were thrust landward as a result of ocean-basin closures, suggesting thin-skinned tectonics within the Blue Ridge and Piedmont (Cook et al. 1979 (Cook et al. , 1981 . Seismic data gathered by USGS in Virginia (close to the seismic profile in this study) support this thin-skinned model (Pratt et al. 1988) . Previous studies also interpret the eastern North Figure: A-A′, a seismic reflection profile of Pratt et al. (1988 Pratt et al. ( , 2015 ; B-B′, crustal model of Dreiling and Mooney (2015) ; C-C′, S-wave velocity model of Shen and Ritzwoller (2016) ; D-D′, P-wave velocity model of Hales et al. (1968) and Lewis and Meyer (1977) ; E-E′, P-wave velocity model of Holbrook et al. (1994) ; F-F′: S-wave velocity model of Lynner and Porritt (2017) . Red box in the inset map outlines the study area American margin as a strongly volcanic margin, which are generally indicated by the presence of dipping reflectors within the transitional crust and crustal underplating of igneous materials (Klitgord et al. 1988; Tréhu et al. 1989; Holbrook et al. 1994; White and McKenzie 1989) . There is also a stark transition in crustal thickness across the margin, and the Moho boundary is sharply uplifted in the transition between continent and ocean crust (Holbrook et al. 1994; Lynner and Porritt 2017) .
Data acquisition and seismic phase analysis
This active-source seismic refraction/wide-angle reflection profile is 220 km long and consists of 5 borehole explosions. Each borehole was filled with 182 kg of bulk emulsion (Dyno-Nobel Titan 1000SD) with electronic (Dyno-Nobel Geoshot) detonators. The seismic data were recorded by 708 vertical component seismographs, equipped with 4.5 Hz geophones, at a sample rate of 4 ms. The shot spacing between the two shots in the west is about 70 km, whereas the shot spacing for the three eastern shots is 30 km (Fig. 1) . The seismograph spacing is about 320 m. Acquisition of the active-source seismic data took place in June 2015 by volunteers from various universities and USGS.
The recorded P-wave seismic data obtained by the wide-angle seismic survey have a high signal-to-noise ratio that does not require filtering (Fig. 3a) . We identified direct basement arrivals as Pg, refracted phase from uppermost mantle as Pn, and wide-angle reflected phases as PxP, where x is the crustal boundary number, 1 being the shallowest crustal boundary and m being the Moho. Based on the reciprocal traveltimes, six principal seismic phases (Pg, P1P, P2P, P3P, P4P, and PmP) have been identified (Fig. 3 ). The energy of Pn is strong but only visible in the seismic record of SP2 (Fig. 3c) , and we picked it without reciprocal traveltimes. After the application Fig. 2 The geologic map of study area based on the maps by King and Beikman (1974) and Glover and Klitgord (1995) . This map shows the tectonic setting and lithologies in the study area, from Atlantic Ocean to the Appalachian orogeny Fig. 3 Record section generated by the westernmost shot SP1 and easternmost shot SP2 are plotted at a reduction velocity 6 km/s, and the amplitudes are normalized for each trace. The white dashed lines indicate the picked travel times. These is no filter for the P-wave record section, while an Ormsby band-pass filter of 2-12 Hz is used for the S-wave record section to enhance the signal-to-noise ratio. a The P-wave record section of SP1. Six principal seismic phases (Pg, P1P, P2P, P3P, P4P, and PmP) have been identified based on the reciprocal traveltimes. b The S-wave record section of SP1. Six principal seismic phases (Sg, S1S, S2S, S3S, S4S, and SmS) have been identified. c The P-wave record section of SP2. Six principal seismic phases (Pg, P1P, P3P, P4P, PmP, and Pn) have been identified. The uppermost mantle refraction Pn is only visible in the record section of SP2. d The S-wave record section of SP2. After a filter, only four principal seismic phases (Sg, S2S, SmS, and Sn) have been identified of an Ormsby band-pass filter of 2-12 Hz, the S-wave refraction and reflections are visible in these vertical component records (Fig. 3b, d ). With the relationship between P-wave and S-wave (Christensen 1996; Christensen and Mooney 1995; Musacchio et al. 1997) , we can make sure the S-wave reflections S × S and corresponding P-wave reflections P × P are generated by the same crustal boundary.
Amplitude synthetic
As is typical for such seismic profiles, the wide-angle reflected arrivals are significantly stronger than refracted arrivals. The velocity of each crustal layer could be evaluated by the amplitude of seismic reflection phase P × P (Braile and Smith 1975; Giese et al. 1976; Jia et al. 2014; Musacchio et al. 1997; Pakiser and Mooney 1989; Zelt and Smith 1992; Zhang et al. 2009 Zhang et al. , 2013 . So, the onedimensional (1D) synthetic seismogram (Fuchs and Mül-ler 1971; Sandmeier and Wenzel 1986 ) is used to model the seismic travel times and amplitudes of each of the record sections to generate an initial model before we do the 2D modeling of the data. Because the energy of P1P and P2P is strong and complex, showing an unusual feature of crustal reflections, the amplitude analysis of the seismic record including these reflections is presented here.
Two different 1D velocity models (Fig. 4 ) are used to calculate the synthetic waveforms of SP1 (Fig. 3a) . One model has a low-velocity zone (LVZ, 5.7 km/s) at depths of 9-11 km, and another doesn't have the LVZ. Both the synthetic traveltimes ( Fig. 4a ) match well with the record section (Fig. 3 ), but the amplitudes of the two models are different. The strongest energy of the reflections is associated with the critical angle, which in turn is dependent on the crustal velocity structure (Brail and Smith 1975) . The presence of the LVZ makes the strongest energy of P2P appear closer to the source, leading to a group of strong and continuous reflections which are in agreement with the observed seismic waves labeled as P1P and P2P in the record (Fig. 3a) . The red line indicates the picked traveltime in Fig. 3a . a The synthetic data of the model with a LVZ of 5.7 km/s at about depth 10 km. b The synthetic data of the model without the LVZ. These two seismograms indicate that the model without LVZ cannot generate the strong reflected phases P2P at about offset 60 km shown in Fig. 3a section (Fig. 3) . The LVZ also affects the amplitudes of P3P and P4P. In summary, without the LVZ, the amplitudes, distances, and traveltimes of the reflections are inconsistent with the observed data (Fig. 4b ).
Normal moveout correction for the LVZ
To further evaluate the P1P and P2P, a simple hyperbolic normal moveout correction was applied to each seismic trace (Luetgert et al. 1987) . The recorded seismogram time was converted to two-way travel time (TWTT) using the equation
v 2 , where v is 6.1 km/s, the average velocity of upper crust, x is the source-receiver distance, and T is time. The depth is then estimated by D = v × T nmo /2 . The result (Fig. 5) shows that the estimated depth of the strongest reflections, P2P, is about 12-13 km, which spatially corresponds to the bottom of the LVZ determined by synthetic seismogram modeling.
The seismic phases around Pg
In addition to the reflections P1P and P2P, there are also other complex reflections near the P-wave refraction Pg (Fig. 6 ). There are no reciprocal traveltimes for these reflections, and their origins are more uncertain. We analyze them after the 2D modeling. The Pg is also complex (Fig. 6b ): The traveltime step of Pg indicates that there possibly is a basin or thick sediments, and the disappearance of Pg in the record section of SP3 indicates there is the LVZ in the subsurface (Park et al. 2010) . All the characters indicate that the upper crustal structure is complex beneath this profile, consistent with the complex tectonic and lithology in the study area (Fig. 2 ).
Velocity modeling

P-and S-wave velocity modeling
Based on an analysis of the seismic phases, we manually picked the reflection and refraction traveltimes. The uncertainties of the picked traveltimes range from 50 to 100 ms based on the quality of the records and the empirical parameterization (Zelt and Forsyth 1994; Liu et al. 2006; Wan et al. 2017) .
Rayinvr program (Zelt and Smith 1992) is an efficient ray tracing method for velocity modeling of wide-angle seismic data (Bezada et al. 2010; Delescluse et al. 2015; Wan et al. 2017; Zelt and Smith 1992; Zelt and Forsyth 1994) . As previously mentioned, the upper crustal structure along the profile is complex, generating significant complex Pg phase. It is difficult to model the complex seismic structure with a ray tracing method (Hole and Zelt 1995; Zelt and Barton 1998) . So we use a regularized first-arrival time inversion algorithm (Zelt and Barton 1998) to obtain the tomographic model of Pg, resample the model, and obtain the whole crust model with other seismic phases (P1P, P2P, P3P, P4P, PmP and Pn) by employing Rayinvr program (Bezada et al. 2010) .
After the inversion of all the seven principal seismic phases (Pg, P1P, P2P, P3P, P4P, PmP, and Pn), we obtained two crustal velocity models beneath the seismic profile line (Fig. 7a, b) . We firstly obtained the upper crustal structure (0-7 km of Fig. 7a ) by inverting the Pg traveltimes and then resampled the model to yield an initial model for the inversion of other seismic reflection phases (Fig. 7b) . During the inversion of the deeper seismic reflection phases, the upper crustal velocity structure is fixed. To obtain the optimal model, we replaced the upper crust of Fig. 7b with the original upper crustal structure obtained by Pg inversion to yield Fig. 7a . This step was taken because the upper crustal structure in Fig. 7b . Considering that both the characters of seismic record section and the surface geology indicate a complex upper crustal structure, a more accurate upper crust is helpful for the geological interpretation presented below.
The approximate S-wave arrival times may be estimated by multiplying the P-wave arrival times by 1.732 (√3). However, laboratory measurements of the Vp/Vs ratio for a variety of rock compositions suggest that the observed S-wave arrival times can range from 1.45 to 1.9 times the P-wave arrival time (Christensen 1996; Christensen and Mooney 1995; Musacchio et al. 1997 ). Thus, we calculated the approximate S-wave traveltimes by multiplying the P-wave traveltimes by 1.732, and use them to guide the identification of actual traveltimes of the S-wave phases (Musacchio et al. 1997) . We then obtained the S-wave crustal structure using the same technique as used in the P-wave velocity inversion (Fig. 8) .
There are alternate low-and high-velocity zones at depths of 0-6 km in the upper crust (Figs. 7, 8) . This may correspond to the geology of the study area, which is complex (Fig. 2) . We note that our data have the ability to identify some small geological bodies because of the dense seismographs (spacing of 320 m). We next analyze the reliability of the P-and S-wave velocity structure by RMS, χ 2 , checkerboard test and model uncertainty.
Resolution and Uncertainties of the crustal velocity model
Before discussing geological interpretations, it is important to give a clear notion of the robustness and reliability of the P-and S-wave crustal velocity models. The RMS traveltime misfits and χ 2 values listed in Table 1 , and the ray density evident in the ray diagram (Fig. 9) gives a measure of the reliability of the model. Because different methods are used to invert the refraction and reflection phases, we applied the checkerboard test (Zelt and Barton 1998) to test the resolution of upper crust, and calculated the uncertainty (Zelt 1999) of other layers. 6 a The record section of SP1. Region A′ is the expansion of region A, showing that there is a strong reflection after the Pg phase. b The record section of SP3. Region B′ is the expansion of region B, indicating there is a reflection after Pg. It is close to Pg, so it is possibly generated by the very shallow structure. Region C shows a step of Pg, and region D shows that there is a shadow zone between 60 and 80 km, indicating a low-velocity zone (LVZ) in upper crust (Park et al. 2010) . Note that this LVZ is not the LVZ above (Figs. 3a, 5) ; rather this LVZ is much shallower and smaller There is no seismic coverage beyond the white dashed lines. The wide-angle reflections P1P, P2P, P3P, P4P, and PmP are generated from boundaries 1, 2, 3, 4, and Moho, respectively. a The velocity structure obtained by the regularized inversion algorithm of the first-arrival traveltimes and Rayinvr program. b The crustal velocity structure obtained by using Rayinvr. c The nodes we used to model the seismic velocity structure of Fig. 7b . The red boxes indicate the nodes used to model the boundaries in the crust, and the blue dots used to indicate the seismic velocity nodes above and beneath the boundaries. The nodes between 0 and 7 km are used to resample the upper crustal model obtained by Pg inversion (0-8 km of Fig. 7a ), and they are fixed in the employment of Rayinvr program. The other nodes are adjusted to obtain Fig. 7b with the seismic phases (P1P, P2P, P3P, P4P, PmP and Pn) Guo et al. Earth, Planets and Space (2019) 71:69 
Checkerboard test of the upper crust
A checkerboard test consisting of a 5 × 2 km grid is used to evaluate the model resolution within the upper crust. For this purpose, a 5% velocity perturbation is added on the final model to create the input checkerboard model. The inverted data are the synthetic data of the checkerboard assuming an uncertainty of 50 ms for P-wave and 80 ms for S-wave. The inversion parameters and processing are in accordance with the values used in the tomographic inversion of the observed data. Both the P-and S-wave models are well recovered (Fig. 10) . The recovered depth of the P-wave model is about 3 km in the western portion of the profile and about 5 km in the eastern portion. The recovered depth for the S-wave checkerboard test is about 4 km along the seismic line, showing a more homogeneous result than the P-wave checkerboard test, consistent with the ray coverage of the P-and S-wave model (Fig. 9) . A significant feature of the crustal velocity model (Fig. 7) is the alternate low-and high-velocity bodies obtained by inverting the Pg traveltimes in the upper crust at 0-5 km depths. According to the result of the checkerboard test, the low velocity at a distance of 0-20 km and the high velocity at the distance of 40-60 km are reliable because these two velocity bodies are larger than the recovered checkerboard cell size. As the velocity contrast between these two velocity zones and the velocity around is large, the shallow reflections A, B in Fig. 6 are possibly generated by the boundary of these velocity bodies. Some low-velocity features at a distance of 100-200 km are equal or even smaller than the checkerboard size, and most of them are located at the depth of 3-6 km. The sparse ray coverage at this depth also decreases the reliability of these velocity anomalies. However, shadow zones of Pg (Fig. 7) indicate that there should be a low-velocity zone in these areas. Considering the good match between the calculated and picked traveltimes ( χ 2 = 1.02 for Pg and 1.33 for Sg in Table 1 ), we adopt this complex upper crustal model rather than assuming that it is a result of the over-fitting of the traveltimes. (Fig. 9) , there is no seismic coverage beyond the white dash lines. The wide-angle reflections S1S, S2S, S3S, S4S, and PmP are generated from boundaries 1, 2, 3, 4, and Moho, respectively 
Uncertainty of the crustal boundary
In this study, we compare observed seismic amplitudes with synthetic seismograms to estimate the P-wave velocity contrast at each crustal boundary. Forward modeling indicates the uncertainty of the velocity in each crustal layer to be ± 0.1 km/s. This velocity uncertainty Fig. 9 a The P-wave traveltime fit and seismic ray diagram. b The S-wave traveltime fit and seismic ray diagram. The rays emanate from each of the five shot points and are color coded by the crustal boundary from which they either refract or reflect. The density of ray coverage gives a qualitative indication of which portions of the model are well constrained. The short color segment is the observed times of the rays which have the same color in the seismic ray diagram. The length of segments indicates the estimated picking error. The black nodes are the calculated times causes a ± 0.7 km variation for the depth of each boundary except the bottom boundary of the LVZ. Because the LVZ is only ~ 2 km thick, a ± 0.1 km/s variation of the velocity is not large enough to change the depth of the boundary significantly. We also used the method suggested by Zelt and Barton (1998) to test the uncertainty of the model. In the process of data modeling, we assumed that the crustal structure, both in terms of the lateral distribution of the seismic velocity and the geometry of the boundary, should be as simple as possible. So we only use one velocity node for each layer, and as few boundary nodes as possible (Fig. 7c) . The uncertainty of each node is 1.0-1.5 km, but if the boundary is smooth, the uncertainty is less than 0.7 km. The locations of the boundaries of the S-wave velocity model are assumed to be the same as the boundaries of the P-wave velocity; the ± 0.7 km variation in depth causes a ± 0.05 km/s variation for S-wave velocity.
Poisson's ratio
Poisson's ratio along the profile was calculated using the final P-and S-wave seismic velocity models (Fig. 7) and mainly ranges from 0.24 to 0.26 for the crystalline crust (Fig. 11) . These values are consistent with the previously reported low crustal Poisson's ratio (< 0.27) of the Paleozoic Appalachian orogenic belt (Zandt and Ammon 1995) . Poisson's ratio of the sedimentary cover ranges from 0.20 to 0.27. Considering that the recovered checkerboard test of the P-and S-wave structure has a dimension of 5×2 km (Fig. 10) , the dimensions of regions with reliable Poisson's ratio should be about twice larger. Poisson's ratio within the sedimentary cover should range from 0.20 to 0.23. Beneath the sedimentary cover, the distribution of Poisson's ratio is found to be relatively homogeneous. Poisson's ratio of the upper crust in the western portion of the seismic profile ranges from 0.25 to 0.26. If we exclude the LVZ, this is slightly higher than the Poisson's ratio of the upper crust in the eastern region, which ranges from 0.24 to 0.25. In the middle and lower crust, Poisson's ratio is 0.26 and 0.25, respectively. Poisson's ratio below the Moho is about 0.27.
Gravity modeling
Gravity modeling serves as an additional test on the validity of the Line 1 crustal velocity model and also gives an estimate of the crustal density structure. The P-wave model is parameterized as a series of polygons (Fig. 11) , and the P-wave velocity within each polygon is converted to an average density value (Brocher 2005) for gravity calculation (Cady 1980; Talwani et al. 1959 ). The gravity data are extracted from the database of nearly one million Bouguer gravity anomaly values on the USGS Web site (https ://mrdat a.usgs.gov/gravi ty/bougu er). The Bouguer anomaly is computed using a reduction density of 2.67 kg/m 3 . The crustal model was extended 80 km in both directions to avoid problems caused by model edge effect. Because the seismic wide-angle reflection data are much more sensitive to the crustal boundaries than the gravity, the crustal boundaries determined by the seismic data are fixed during the gravity modeling. The gravity model (Fig. 11) provides an excellent fit to the Bouguer gravity. There is a block in the upper crust with an estimated thickness of 10 km at a model distance of 170 to 220 km that corresponds to the − 40 mGal Bouguer gravity anomaly. This block constitutes a significant difference between the density model and velocity model. We note that the block is located at the end of the profile where there are insufficient rays to obtain the accurate P-wave velocity. Watkins et al. (1985) modeled the -40 mGal Bouguer gravity anomaly with a 10-km-thick granite pluton (Lawrence and Hoffman 1993) . We also model this anomaly with the density structure of the 10-km-thick upper crust using a block with density 2.61 g/cm 3 , close to the density of granite (2.64 g/cm 3 ) measured by Christensen (1996) . This is consistent with the velocity of this region (Figs. 7a, 12 ). In the middle and lower crust, the density is as homogenous as the P-wave velocity.
Although the geometric characteristics of the gravity model differ slightly from the velocity model at the east end of the seismic line, the overall crustal geometry inferred from the gravity and seismic models is highly consistent. The geological interpretation of this seismic velocity/density structure is discussed below.
Discussion
We compare the average seismic velocity structure of our model with previous seismic studies of the crustal P-wave and S-wave structure near to our study area (Fig. 1) . The comparison (Fig. 12) shows that the average P-and S-wave of each crustal layer in this region are similar in all studies, but the thickness of each layer is slightly different. Our study distinguishes the crustal structure with higher resolution (for example, the low-velocity zone) because of the relatively close receiver spacing (320 m), and defines both the P-and S-wave velocity structure.
P and S-wave velocity structure
The velocity isoline of 5.7 km/s is a commonly adopted choice for the boundary between sediment and bedrock (Christensen and Mooney 1995) . There is little or no sediment on the western end of the profile (from distance 0-100 km), and sediment thickness on the eastern end ranges from 2 to 4 km (Fig. 7a) . Generally, P-wave seismic velocities in the crust range from 5.7 to 6.2 km/s, 6.5 to 6.7 km/s, and 6.8 to 6.9 km/s. These velocity ranges define the upper crust (above interface 3), middle crust (between interface 3 and 4) and lower crust (interface 4 and Moho), respectively (Fig. 7a) . In the western segment of the profile, the thickness of the crystalline crust is 35 to 37 km, while thickness of the crystalline crust (i.e., crust minus sediments) to the east is 30 to 32 km.
Within the upper crust, there is a 2-km-thick LVZ at a depth of 10 to 12 km near SP1 that extends from a model distance of 0 km (western end of the seismic profile) to a distance of 100 km (Fig. 7a) . The average P-wave velocity within the LVZ is estimated to be 5.7 km/s, and the average S-wave velocity is 3.35 km/s based on synthetic seismogram modeling. Although large-scale lateral seismic velocity variations are not apparent, it is evident that the P-wave velocity (6.2-6.3 km/s) at the western end of the profile is somewhat higher than in the eastern end (6.0-6.2 km/s). In the middle crust, both P-wave and S-wave seismic velocities are uniform, 6.6 km/s and 3.74 km/s, respectively (Fig. 7a) . In the lower crust, the Pand S-wave velocities are uniform (average 6.8 km/s and 3.9 km/s, respectively) across the profile.
The Moho depth is 34 to 37 km (Fig. 7a) . The deepest portion of the Moho is located in the middle of the profile at a model distance between 90 and 120 km, and the Moho is shallowest in the east (~ 34 km). We record only one upper mantle refraction phase Pn (SP2, Fig. 3d ) with an apparent velocity of 8.0 km/s, with the velocity of the corresponding Sn phase being 4.5 km/s.
Crustal composition
Poisson's ratio is well correlated with the composition of the continental crust (Holbrook et al. 1992; Christensen and Mooney 1995; Christensen 1996; Musacchio et al. 1997; Swenson et al. 2000; Wang et al. 2003; Liu et al. 2006) . We infer the crustal composition along our seismic profile using the relationship between Poisson's ratio and P-wave velocity. Plots of Poisson's ratio versus Vp (Fig. 13) show that the upper and middle crust mainly consists of felsic rocks, and the lower crust consists of rocks with an intermediate composition. Mafic compositions may be present in limited amounts, but do not dominate the crustal composition based on the relatively low P-wave velocities (Fig. 13) .
In the upper crust, the relationship between Poisson's ratio and P-wave velocity is consistent with felsic rocks such as felsic gneiss and intermediate-to-high-grade metapelitic rocks. Rocks with 55% to 75% SiO 2 show a linear increase in Poisson's ratio with decreasing silica content, whereas P-wave velocity decreases and shear wave velocity increases with increasing percentages of SiO 2 (Christensen 1996) . The low Poisson's ratio at the surface along the eastern end of the profile (distance 120-220 km) is due to the sedimentary cover. The Poisson's ratio (~ 0.25) and P-wave velocity (~ 6.1 km/s) in the upper crust (model distance 120-220 km at 5-12 km depth) is indicative of felsic rocks with a high quartz content, consistent with surface lithology (King and Beikman 1974; Glover and Klitgord 1995) . The LVZ (model distance 0-100 km at 10-12 km depth) spatially corresponds to a body of metagraywacke, which has a Vp of 5.95 km/s and a Poisson's ratio of 0.247 at a pressure of 400 MPa (Christensen 1996) .
The middle crust has a relatively uniform Poisson's ratio of 0.26 and an average P-wave velocity of 6.6 km/s, which is consistent with a dioritic composition (Christensen and Mooney 1995; Christensen 1996 ). Poisson's ratio in the lower crust is about 0.25 with an average (Fig. 13) . Significantly, our seismic model shows no evidence for a mafic lower crustal layer having a P-wave seismic velocity > 6.9 km and a Poisson's ratio ≥ 0.28. Hence, there is no evidence for mafic underplating beneath the Line 1 seismic profile. Figure 14 shows the results of three studies of crustal structure in the study area. Figure 14a shows a seismic reflection profile in the Blue Ridge, a piedmont of the Appalachian orogeny (line A-A′ in Fig. 1 , Pratt et al. 1988 Pratt et al. , 2014 . Figure 14b shows the crustal model of the western margin of the Atlantic Ocean (line E-E′ in Fig. 1 , Holbrook et al. 1994) , and Fig. 14c shows the eastern Piedmont and coastal plain model of Line 1 seismic profile (our study).
Tectonic interpretation
Continental crustal structure
The Line 1 model shows a laterally homogenous crustal structure beneath the coastal plain; there are only slight horizontal variations in both velocity and boundary depths. In the west, the boundaries are consistent with the structure of Line A-A′ (Fig. 14a , Pratt et al. 1988 Pratt et al. , 2014 . The upper crustal velocity model of the western end of Line 1 (Fig. 14c) is relatively simple, with an upper crustal LVZ, beneath the Piedmont. However, a more complex image is seen in the vertical-incidence seismic reflection profile (Fig. 14a , Pratt et al. 1988 Pratt et al. , 2014 ). The reflection profile shows dipping structures within the upper crust. In the middle and lower crust, the seismic reflection section (Fig. 14a) is much more transparent, consistent with the uniform seismic velocity structure determined on the Line 1 seismic refraction/wide-angle reflection profile (Fig. 14c) .
At the eastern end of our profile, the seismic velocity structure is in agreement with the seismic velocity values Pratt et al. (2014) and that labels "A" to "D" and solid/dashed black lines of Fig. 14a are not used for our study (Fig. 8) , and the dash white lines show the range of the seismic rays used for the velocity inversion. Combining our study with the studies of Pratt et al. (1988 Pratt et al. ( , 2014 , Holbrook et al. 1994 (Fig. 14b) , and the surface geology (King and Beikman 1974; Glover and Klitgord 1995) , we infer the geometry of the faults and crustal boundaries. The profiles of Pratt et al. (1988 Pratt et al. ( , 2014 and Holbrook et al. (1994) are located about 70 km north of our Line 1 profile, and we have migrated the model for Line 1 along the geological boundaries in Fig. 1 to create a composite section. Offshore crustal petrologic interpretations are from Holbrook et al. (1994) and boundary depths for the west end of the seismic line presented by Holbrook et al. (1994) (Fig. 14b) . We divided the lower crust of Holbrook et al. (1994) into middle (~ 6.4 km/s) and a lower (~ 6.8 km/s) crust. The estimated Moho depths on the west end of Fig. 14b (~ 42 km is unconstrained by seismic coverage; Line 1 (Fig. 14c) indicates a value of ~ 34 km (Holbrook et al. 1994) . Figure 15 shows a composite crustal section derived from the three seismic profiles in Fig. 13 . This crustal section extends from the Blue Ridge Province of the Appalachians to the Atlantic Ocean basin. We infer that the upper crustal LVZ (green layer, Fig. 15 ) is an over-thrust metasedimentary layer based on the P-wave velocity and Poisson's ratio, and we infer the LVZ is the Evington Group metasedimentary rocks reaching depths of up to 10 km (Pratt et al. 1988) . Also, it is associated with the metasedimentary strata of Paleozoic age beneath the coastal plain in Georgia, which is a result of ocean-basin closures (Cook et al. 1979 (Cook et al. , 1981 . The faults in the Piedmont do not appear to cut through the LVZ, and the faults in the coastal plain do not extend to more than 15 km depth.
Overall, it appears that the Grenville-aged lower crust is thinned, extending beneath the Appalachian orogeny to the Atlantic Ocean (Fig. 15) . The western edge of the ocean-continent transition is located 40 km east of Line 1, and oceanic crust 160 km to the east (Fig. 15) . Figure 16 presents the locations of our study and the two other rifts that are used for comparison. The eastern North American margin (ENAM), the region of our study, initiated in the early Mesozoic following the culmination of the Appalachian orogeny. The South China Sea (SCS) rift developed in the Cenozoic, accompanied by massive volcanic activity that is hypothesized to be due to a rollback of the subducting Paleo-Pacific slab beginning in the Middle Jurassic (Wan et al. 2017) . The Cenozoic Kenya Rift, part of the eastern branch of the East African Rift System, has developed in an area of great lithospheric complexity (Macdonald et al. 1994 ) related to late Proterozoic orogenic events. The modern rift may be due to both active and passive mechanisms (Macdonald et al. 1994) . Each of these rifts has experienced a unique extensional history, and the comparison reveals the relationship between crustal structure and tectonic evolution.
Rifting margin
The similar feature of these three crustal structures is the velocity structure of the upper (6.0-6.4 km/s), middle (6.5-6.6 km/s), and lower (6.7-6.9 km/s) crust (Zhang et al. 2013; Wan et al. 2017; Maguire et al. 1994; Braile et al. 1994 ) along with the upper mantle velocity (7.9-8.0 km/s) (Figs. 14, 17) . One notable feature of the three models is the high-velocity zone (HVZ, 7.0-7.6 km/s) intruding into the crust. The HVZ of the SCS rift is a 6-km-thick basal layer extending at least 160 km, underplating much of the offshore lower crust (Wan et al. 2017) . In contrast, the HVZ magmatic intrusion of the ENAM is focused within a 100-km-wide zone at the ocean-continent transition (Holbrook et al. 1994 ). This HVZ may have formed when the rifting extension rate suddenly speeded up (Brune et al. 2016) . The large underplated area (high seismic velocity) at the bottom of the SCS rift crust may be associated with a smooth variation Fig. 16 Location map for rifted margins compared in this study. The pink lines in the figure indicate the wide-angle seismic profiles used to infer the crustal structure: A, this study; B, Holbrook et al. (1994) ; C, Maguire et al. (1994) ; D, Zhang et al. (2013) ; Wan et al. (2017) of rift-related extension during the breakup (Brune et al. 2016) . Since the duration of the breakup process of the ENAM and the SCS rift are about 10 Myr (Brune et al. 2016) , the different characteristic of narrow and wide rift may be associated with variations in the rate of extension of the rifted margin during the breakup. The HVZ of the Kenya Rift is limited to a width of only 100 km at the top of the upper mantle. This HVZ region may have been formed during two distinct stages of rapid cooling from ~ 65 to 45 Ma and from ~ 15 Ma to the present day during the rift development (Torres Acosta et al. 2015) . It seems that the formation of the limited basal crustal HVZ in narrow rifts is related to the sharp variations in the extension history.
Lateral variations in crustal thickness are features that can be used to characterize rift type. For example, narrow rifts may show large lateral gradients in crustal thickness, while wide rifts are characterized by small lateral gradients (Buck 1991) . The ENAM onshore extended crustal thickness is 33-37 km and thins to about 30 km at the ocean-continent transition zone at a distance of 260 km (Figs. 15, 18b) . The middle and lower crust extend only as far east as the rifted zone, where they terminate. The offshore ocean-continent transition is 100 km wide, with normal oceanic crust beginning immediately to the east (Holbrook et al. 1994; Lynner and Porritt 2017) . Beneath the profiles in the SCS rift, there is no distinct oceancontinent transition as seen on the mid-Atlantic margin, and the extended crust is extended from continent to the ocean. The onshore extended continental crust is 220 km long with a small crustal thickness variation (30-32 km), while the offshore extended crust thins from 30 to 16 km (excluding the water column) over a lateral distance of 240 km (Wan et al. 2017 ). These observations suggest a greater amount of crustal extension is present on the SCS profile as compared to the onshore mid-Atlantic Margin. The crustal thickness of the Kenya Rift is 31-38 km over a lateral distance of 220 km, with the area of greatest crust . We merge these two crustal models a, b to make the composite section in Fig. 18a . c the P-wave velocity structure crossing Kenya Rift. Locations of these seismic profiles are indicated in Fig. 16 Fig . 18 Comparison of the crustal structure of south China margin, the mid-Atlantic rifted margin, the central Kenya Rift. Their locations are shown in Fig. 16 . The crustal structure of the SCS rift (a) is inferred by integrating Zhang et al. (2013) and Wan et al. (2017) . The crustal structure of the ENAM (b) is inferred by integrating our study and Holbrook et al. (1994) . The crustal structure of the Kenya Rift (c) is inferred from Maguire et al. (1994) thinning (ca. 6 km) directly beneath the 5 km-deep rift basin. The flanking crust of the Kenya Rift has not been significantly modified by magmatic intrusion, in agreement with the mid-Atlantic coastal plain (this study). This observation indicates that both the ENAM and the Kenya Rift have the characteristics of a narrow rift, while the south China margin is an example of a widerifted margin (Wan et al. 2017) . We hypothesize that the differences in 2D crustal structure for narrow and wide rifts is associated with the different extensional rates during continental breakup. ENAM and the Kenya Rift have similar crustal structure, and it appears that the Kenya Rift could eventually develop a similar crustal architecture as the mature mid-Atlantic rifted margin.
Conclusions
We present the crustal P-and S-wave velocity, Poisson's ratio, and density structure along the seismic wide-angle profile across the mid-Atlantic continent margin. The crustal thickness in the study area varies only slightly, from 34 to 37 km. The thickest crust of 37 occurs beneath the coastal plain. Excluding the sedimentary cover that reaches ~ 4 km thick in places, the crystalline crust thins to about 30 km at the Atlantic coast, indicating only a modest amount (19%) of differential crustal extension (from 37 to 30 km) along the profile. There is a seismic low-velocity zone at depth of 10-12 km beneath the eastern Piedmont and western coastal plain. We interpret this to be an over-thrusted package of Paleozoic sedimentary and metamorphic rocks, a result of oceanbasin closure during the Appalachian orogeny. The laterally uniform middle and lower crustal can be traced from beneath the eastern Piedmont across the Atlantic coastal plain, which indicates that Grenville-aged crust extends east to the western edge of the offshore rifted margin.
The measured P-wave velocities and Poisson's ratio indicate that the upper and middle crust both have a felsic composition, while the lower crust has an intermediate composition. There is no evidence for a mafic lower crustal layer with a high (> 6.9 km/s) seismic velocity or high (> 0.28) Poisson's ratio beneath our seismic profile. Thus, there is no evidence for a mafic underplated lower crustal layer that can be attributed to the offshore Mesozoic rifting. Integrated with previous research in the eastern North American margin, a broad view of the rifted continental margin shows that the Mesozoic rifting was focused in a 100-km-wide ocean-continent transition zone (east of our seismic profile), which is a characteristic of narrow-rifted margins.
We have compared our results with the crustal structure of the South China Sea rift and Kenya Rift. The crustal structure of the Kenya Rift within the East African Rift System is more similar to the eastern North American margin than the South China Sea rift. The ENAM and the Kenya Rift are narrow rifts, whereas the South China Sea rift is a wide rift. The comparison indicates that narrow and wide rifts have similar crustal compositions, but show differences in lateral variations in crustal thickness and the distribution of basal crustal mafic intrusions. This difference may be associated with rifting extension rate. Further comparisons among global rifted margins are needed to support this hypothesis.
